
INTERNATIONAL JOURNAL OF CLIMATOLOGY
Int. J. Climatol. 27: 1735–1751 (2007)
Published online 11 April 2007 in Wiley InterScience
(www.interscience.wiley.com) DOI: 10.1002/joc.1488

Causes of variability in the summertime Antarctic
boundary-layer climate

Dirk van As* and Michel R. van Den Broeke
Institute for Marine and Atmospheric Research Utrecht (IMAU), Utrecht University, Utrecht, PO box 80000, 3508 TA, The Netherlands

Abstract:
A high-resolution one-dimensional atmospheric model is used to assess the contribution of various surface characteristics
and external forcings on the structure and dynamics of the atmospheric boundary layer (ABL) over the Antarctic Plateau in
summer. The reference run simulates the boundary layer over a mildly sloping surface (1.5 m km!1) for a clear sky near
the end of the Antarctic summer (31 January-3 February). The ABL depth is approximately 100 m. At night, a low-level jet
forms due to the combined effect of katabatic forcing and an inertial oscillation. During the day a convective mixed layer
is present. As expected, the ABL is very sensitive to surface slope; a larger slope forces higher wind speeds and a deeper
boundary layer. Over a horizontal surface, a nocturnal jet is also found as a result of the inertial oscillation. A modest
change in surface albedo alters the mixed-layer temperature and the height and strength of the nocturnal jet considerably.
Rotating the large-scale wind relative to the slope direction also has a large impact on ABL depth and structure. The
deepest boundary layer and largest wind speed over a northward down-sloping surface are found for an easterly (cross
slope) large-scale wind, as is typical for Antarctica. A very shallow ABL with low wind speed is found for the opposite
large-scale wind direction. ABL sensitivity to surface roughness was found to be small. For all experiments, the ABL
sensitivity is enhanced due to the positive feedback between the cooling of the ABL and katabatic wind speed. Copyright
! 2007 Royal Meteorological Society
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INTRODUCTION

Antarctica functions as a heat sink for the global climate
system owing to the negative mean surface radiation
budget of the ice sheet. The interaction between the
Antarctic ice sheet and the atmosphere is confined chiefly
to the atmospheric boundary layer (ABL). The structure
and dynamics of the ABL result from a combination
of several forcing mechanisms, of which the slope-
dependent katabatic forcing often dominates the Antarctic
near-surface wind regime. Properties of the surface,
such as its slope, albedo, and roughness, and the free-
atmospheric conditions determine the sizes of the ABL
forcings, and therefore the climate of the ABL.

Relatively little is known of the Antarctic ABL,
because of the limited amount of detailed observations
performed on the continent. Vertical profiling of the ABL,
using e.g. balloon systems, has yielded valuable results,
but has mostly been done at low elevations on the coastal
ice shelves. For instance, King (1989) showed from
radiosonde observations that for the coastal base Halley
(Figure 1) ABL winds are either dominated by katabatic
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or synoptic forcing, depending on the magnitude of the
synoptic-scale horizontal pressure gradient. Kottmeier
(1986) used tethered balloons and kites to show that
katabatic forcing does not dominate the momentum
budget in the stable boundary layer over the Ekström ice
shelf. Argentini et al. (1999) used tethersonde and sodar
observations to study the convective boundary layer in the
strong-wind region at the coastal base Dumont d’Urville.

Few ABL experiments have been performed further
inland on the Antarctic continent due to its inaccessi-
bility and extreme climate. Dalrymple (1966) discussed
the spatial and temporal variability of the near-surface
climate on the Antarctic Plateau using an extensive obser-
vational data set obtained at nine high-elevation sites,
and he included a study of the surface-based tempera-
ture inversion using upper-air soundings. Kodama et al.
(1989) presented profiles of ABL temperature and wind
speed in the escarpment region of Adélie Land in sum-
mer and found ABL wind-speed maxima during both day
and night. They argued that at night the jet was kata-
batically forced, and during the day it was caused by a
large-scale horizontal temperature gradient between the
ocean and Antarctic interior. Van den Broeke and Bin-
tanja (1995) showed, using tethered-balloon soundings
in the escarpment region of Dronning Maud Land, that
stratification in the lower ABL and slope direction play
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Figure 1. Map of Antarctica. FRIS = Filchner/Ronne ice shelf, RIS = Ross ice shelf. Surface elevation is given in m.

Table I. Characteristics of non-mountainous inland Antarctic locations where ABL measurements have been performed by
tethersonde, radiosonde or sodar.

Base/region Elevation (m) Latitude (°S) ! (m km!1) d!(°) " z0 (m)

Adélie landa 1560 67.4 6.5 30 0.83 1 " 10!4

Mizuhob 2230 70.7 5.0 120 0.77 1 " 10!4?
South Polec 2841 90.0 ? ? 0.85 1.4 " 10!4

Kohnend 2892 75.0 1.3 61 0.86 2 " 10!5

Dome Ce 3233 75.1 0.0 – 0.80 ?

a Kodama et al. (1989). One of several observational locations in Adélie Land. Values in table are from Wendler et al. (1988).
b Ohata et al. (1985). z0 value was assumed.
c Travouillon et al. (2003). Values in table are from Weller (1980).
d Van As et al. (2006).
e Argentini et al. (2005). " value is for clear skies from Pirazzini (2004).

decisive roles in the process of penetration of the large-
scale circulation to the surface. In a follow-up experiment
Bintanja (2000) concluded that the influence of katabatic
forcing on the summertime nocturnal near-surface wind
increases towards the Antarctic interior, but that large-
scale wind controls the daytime ABL wind direction,
also in the interior. Mastrantonio et al. (1999) concluded
from sodar measurements over the horizontal surface at
Dome C that a convective ABL can be found on the
plateau in summer. In a similar experiment, Argentini
et al. (2005) investigated the height of the ABL at Dome

C. Van As et al. (2006) presented the dynamics of the
shallow summertime ABL over gently sloping terrain in
Dronning Maud Land using balloon measurements.

These observational studies describe the Antarctic
ABL for locations with a wide range of factors that
influence the ABL, such as the large-scale forcing, albedo
("), roughness for momentum (z0), slope (!), and slope
direction (d! ) of the surface. Table I lists some of these
parameters for inland locations where ABL experiments
have been performed by more than masts alone. Clearly,
large differences exist in these parameters over the
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continent. For instance, Dome C has no surface slope,
while Adélie Land is relatively steeply sloped. At Mizuho
station, 15–64% more solar radiation is absorbed than at
the other locations due to a low surface albedo. As a result
of the differences between these experimental sites large
differences are observed in ABL structure and dynamics.
For instance, the ABL at Dome C in summer can be
twice as deep (200–300 m) as the ABL at Kohnen and
Mizuho, while over the steep slopes of Adélie Land even
deeper ABLs were observed.

The number of ABL experiments performed in the
large Antarctic interior is insufficient to be able to explain
the spatial and temporal variability of the Antarctic ABL.
Model studies are of great use to fill the gaps in our
knowledge. Three-dimensional atmospheric models give
the opportunity to study large parts of the Antarctic
atmosphere. For instance, Parish and Cassano (2003)
demonstrated that a highly constant near-surface wind
direction over Antarctica is not necessarily an indica-
tion of katabatic forcing; the predominant north–south
pressure gradient in the Antarctic atmosphere forces a
similar near-surface wind field. Van den Broeke et al.
(2002) used a regional model to calculate the momentum
budget of the Antarctic ABL and found for the summer-
time surface layer on the plateau that the mean katabatic
force has a smaller influence than the large-scale pres-
sure gradient. However, large-scale forcing exhibits con-
siderable spatial variability over the Antarctic continent
(Van den Broeke and Van Lipzig, 2003). The question
remains whether regional and global atmospheric models
are capable of accurately reproducing the dynamics of
the shallow Antarctic ABL. Drawbacks of these models
are their fairly low spatial (horizontal and vertical) reso-
lutions and the, perhaps, imprecise choices of parameters
crucial to ABL development.

The high applicability of one- and two-dimensional
ABL models over Antarctica and Greenland arises from
the flat and featureless surfaces of the large ice sheets,
which allow for the assumption of horizontal homogene-
ity. These models give us the opportunity to investigate
the near-surface atmosphere at much higher resolution.
King (1989) tested the sensitivity of the near-surface wind
direction to large-scale wind direction and speed at Halley
and found that a large geostrophic wind speed is needed
to overcome the katabatic pressure gradient at the sur-
face. Parish and Waight (1987) used a 2-D model over
the East-Antarctic ice sheet to compare the wintertime
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ABL for the interior, the middle interior and the coastal
zone. Towards the interior, the ABL was found to be shal-
lower, with relatively weak katabatic winds, but a large
surface temperature deficit with respect to the free atmo-
sphere. Elkhalfi (1999) simulated a summer day of the
ABL over the Greenlandic ice-sheet margin and found
a katabatic layer 80–300-m deep, which is sensitive to
large-scale forcing.

In this paper, we present sensitivity tests of a high-
resolution 1-D model that is applied to the ABL over the
highly elevated Antarctic interior. We compare the impact
of realistic changes in surface slope, albedo, strength
(Ug), and direction (dg) of the large-scale wind, latitude,
date, surface roughness, free-atmospheric temperature
lapse rate, and vertical heat advection on the structure
and dynamics of the ABL. This should shed light on the
large observed differences in the structure and dynamics
of the Antarctic ABL (Table I). The model has been
validated by Van As et al. (2006) using measurements
from a detailed meteorological experiment (the EPICA-
Netherlands Atmospheric Boundary Layer Experiment
[ENABLE]) at Kohnen base (75°00#S, 0°04#E), 2892 m
above sea level (Van As et al., 2005a; Van As et al.,
2006).

In the next section, a brief description of the model and
the set-up of the sensitivity runs are given. The modelled
summertime ABL over the Antarctic Plateau is presented
in the section ‘Results’, followed by the results of the
sensitivity studies. The main conclusions are given in the
section ‘Summary and Conclusions’.

METHODS

A detailed description and validation of the ABL model
used for this study is given by van As et al. (2006). Here,
we will mention the most important model aspects.

The model, an updated version of the model originally
developed by Duynkerke (1991), uses two hundred
vertical levels with a non-linear grid spacing ranging from
1.6 " 10!2 m at the surface to 18 m at 2000 m altitude,
and uses a time step of five minutes. The equations
are solved on a tilted grid where the y-axis points in
the down-slope direction and z is perpendicular to the
surface. Here, we write down only the modelled budgets
of heat and momentum, as these will be referred to in the
‘Results’ section of this paper:
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where

x/y = cross-slope/along-slope co-ordinate
z = vertical co-ordinate
t = time
$ = potential temperature
%$ = free-atmospheric $ lapse rate
B$ = $ plane tilt parameter
! = surface slope
u/v/w = wind speed in x/y/z direction
& = air density
cp = heat capacity of dry air (assumed

constant = at 1005 J K!1 kg!1)
Rnet = net radiation flux
f = Coriolis parameter (!1.41 " 10!4 s!1)
ug/vg = geostrophic wind-speed components
g = gravitational acceleration (9.81 m s!2)
$0 = background/free-atmospheric potential

temperature

and primes indicate turbulent fluctuations. B$ is a mea-
sure for the slope of the isolines of $ relative to the
surface slope and is used to calculate vertical advection
for along-slope flow. For B$ = 0 the isolines are parallel
to the surface and vertical advection has no contribution,
for B$ = 1 the isolines are horizontal. Pure horizontal
advection is not taken into account, which is a reasonable
assumption for a fair-weather period over the horizontally
homogeneous Antarctic snow surface.

For the turbulence calculation a first-order closure
is used, in which the turbulent transfer coefficient for
momentum/heat and moisture is defined as:

Km/h = l2
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where the mixing length l = (((z)!1 + l!1
0 )!1; ( = 0.4

is Von Kármán’s constant and l0 = 100 m is the limiting
mixing length scale. The stability-correction functions '
by Duynkerke (1991) were used for stable stratification
and those by Dyer (1974) for unstable stratification.

Clear-sky down-welling long-wave radiation uses the
parameterization of Rodgers (1967), which takes into
account the effects of water vapour, liquid water and
carbon dioxide. The short-wave radiation parameteriza-
tion includes scattering and absorption by clouds and
atmospheric gases (Fouquart and Bonnel, 1980). The
katabatic term in Equation 1 represents the buoyancy of
air over a sloping surface, and depends on both surface
slope and potential-temperature deficit with respect to
the free atmosphere ($ –$0), where $0 is the downwards-
extrapolated free-atmospheric potential temperature.

We neglect large-scale subsidence, which may arise
from the divergence in the katabatic wind field over
Antarctica. Even though this is a prominent aspect of
the mean atmospheric circulation over Antarctica, there
are no reliable observational studies known to us to give
detailed information on a typical magnitude of subsidence
in summer and its variability with height. We tested

the ABL sensitivity to large-scale subsidence using a
downward vertical velocity of 2.0 " 10!2 m s!1, linearly
deceasing to zero below 500-m height, as determined
from regional climate model output by Van den Broeke
et al. (2002). The gradual heating and drying of the free
atmosphere did not affect the structure and dynamics of
the ABL significantly and would not change the outcome
of this paper if included.

In the moisture budget, we have defined that saturation
leads to the formation of clear-sky precipitation that falls
to the surface without interaction with radiation. This
is justified given the very small amount of precipitation
produced by the model. The effects of blowing snow are
not taken into account; drift of dry Antarctic snow occurs
for friction velocity values over $ 0.25 m s!1 (Mann
et al., 2000), which do not occur over the Antarctic
Plateau during fair-weather periods in summer (Van As
et al., 2005b).

The lower boundary condition for the ABL heat budget
is the surface temperature, which is found by solving the
surface energy balance (SEB):

Rnet + G + HS + HL = 0 (3)

This includes short- and long-wave radiation fluxes, the
sub-surface heat flux (G), and the sensible (HS) and latent
heat fluxes (HL) calculated in accordance with Monin-
Obukhov similarity theory.

In Van As et al. (2006), we used the model to simulate
a clear-sky period of four days during ENABLE (31
January–3 February 2002). This is a period at the end
of the Antarctic summer during which the sun does not
set. No clouds or strong large-scale horizontal advection
were observed during the 4-day simulation period, which
is common on the Antarctic Plateau as the escarpment
region of the continent functions as a barrier for synoptic
disturbances. Automatic weather station observations
have confirmed that clear-sky conditions dominate at
Kohnen; cloud fractions below 40% occur an estimated
70% of the time throughout the year.

The reference run in this study corresponds to the
validated simulation by Van As et al. (2006). Initial
values of potential temperature, specific humidity (q),
and wind speed (U) were chosen on the basis of
ENABLE measurements by tethersonde and radiosonde:

$ = 247 + 5 " Z K

q = 0.36 ! 0.13 " Z g kg!1

U = 4 m s!1 (4)

where Z is height in km. Three of the input parameters
used for the reference run in this paper differ from the
situation at Kohnen and the observations performed there
(Table II). Firstly, the large-scale wind is chosen in ‘east-
erly’ cross-slope direction, which is typical for large parts
of Antarctica (Van den Broeke and Van Lipzig, 2003).
In contrast, at Kohnen, the surface slopes down towards
the west (Figure 1), meaning that the large-scale wind
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Table II. Overview of model parameter values in van As and van den Broeke (2006), reference run and sensitivity runs.

Parameter ENABLE value Reference run-value Sensitivity run values

Surface slope 1.3 m km!1 1.5 m km!1 0.0, 5.0 m km!1

Surface albedo 0.85 same 0.80, 0.90
Large-scale wind speed 4.5 m s!1 4.0 m s!1 2.0, 6.0 m s!1

Large-scale wind directiona 180° 90° 0° (up-slope), 180° (down-slope), 270°

Latitude 75 °S same 70°, 80°S
Starting date 31 January same 20 December
Surface roughness (heat,
moisture, and momentum)

2 " 10!5 m same 2 " 10!4 m

Free-atmospheric
potential-temperature lapse rate

5.0 K km!1 same 4.0, 6.0 K km!1

Vertical temperature advection
parameter

0.5 same 0.0, 1.0

a Vertical advection of heat and moisture was turned off.

is often directed in a down-slope direction. Secondly,
we used the surface slope valid for the ‘middle inte-
rior’ (1.5 m km!1, Van den Broeke et al., 2002). Thirdly,
large-scale wind speed has been slightly reduced to better
represent fair-weather conditions. The model parameter
values used for the sensitivity runs are given in Table II.

Each model run covers five days in total. The first
model day is spin-up time, during which the ABL is
formed. Results from the other days show fairly identical
daily cycles, which are averaged before being presented
in this paper. All results are given in GMT, which is
equal to local time at the longitude of Kohnen station
(0°04#E).

RESULTS

Reference run

Figure 2 shows the SEB for the reference run. Absorbed
short-wave radiation (SRnet) is the largest contributor to
the daytime energy budget, and remains non-zero during
the night, as the sun does not set for the modelled
location and period (not shown). For a clear sky, net
long-wave radiation (LRnet) is the largest energy sink
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Figure 2. Mean surface energy balance for the reference run showing
net radiation (triangles), the sub-surface heat flux (squares), the sensible

heat flux (crosses), and the latent heat flux (diamonds).

for the surface. Net radiation (Rnet) is positive during
the day (max. 25 W m!2) and negative at night (min.
!42 W m!2). Owing to the phase difference between
SRnet and LRnet, net radiation peaks before noon and
reaches a minimum before midnight. The sub-surface
heat flux is the largest of the non-radiative fluxes. The
absolute HS is small (max. 12 W m!2) owing to the small
aerodynamic surface roughness and small near-surface
temperature gradients. The absolute HL is even smaller
(max. 1 W m!2) as low saturation vapour pressure at low
temperature does not allow large specific humidity values
and gradients therein.

Figure 3 shows the mean daily cycle of potential tem-
perature, specific humidity, relative humidity, wind speed
and wind direction for the reference run. A mixed layer
develops from 0700 GMT onwards which increases in
temperature and depth (dotted line, Figure 3(a)). The
top of the mixed layer is found at a height of HML %
100 m, halfway through the afternoon (Table III). HML
also indicates the lowest level of the temperature inver-
sion. After the collapse of the convective system, a
surface-based temperature inversion forms which cools
and deepens during the night. Above this, a resid-
ual layer of near-neutral stability is present up to a
height of about 100 m above the surface. In the sur-
face layer, $ at 2-m height has a daily cycle of 8.4 K
(Table III).

Specific humidity follows temperature with the low-
est value of approximately 0.1 g kg!1 found in the
temperature-deficit layer (Figure 3(b)). This is caused by
the strong dependence of saturation vapour pressure on T
and the ABL being always near saturation (Figure 3(c))
(Andreas et al., 2002). The air is saturated in the night-
time stable layer, while at daytime, the relative humidity
reaches a minimum value of 93% in the surface layer at
1500 GMT, when T is highest.

During the day, wind speeds in the mixed layer
are relatively low and close to logarithmic with height
(Figure 3(d)). A wind speed of 5.9 m s!1 occurs at 10-
m height (Table III). At night, U is smaller at 10-m
height, but a low-level jet is found at HLLJ = 43 m at
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Figure 3. Mean potential temperature (a), specific humidity (b), relative humidity (c), wind speed (d), and wind direction (e) for the reference
run. The dashed line indicates the height of the low-level jet, the dotted line the height of the mixed layer.

0300 GMT (Table III), which is chiefly katabatically
forced (Van As and Van den Broeke, 2006). A large
wind shear is found underneath. HLLJ increases during
the morning above the developing mixed layer. The
jet persists in the temperature-inversion layer at 125 m
during the afternoon.

In the residual layer, in the evening and night, an
inertial oscillation takes place with an inertial period of
12.4 h (Blackadar, 1957; Van As and Van den Broeke,
2006). The oscillation is initiated by the stabilization of
the surface layer when convection ceases around 1600
GMT, suddenly reducing friction between atmosphere
and surface. As a result, the neutrally stratified residual
layer begins a damped oscillation about the geostrophic
wind vector. If a temperature deficit is present in the
residual layer the residual layer will oscillate about the
vector (u, v) = (ug + g f!1 ($ –$0) $!1 tan !, vg) (Van
As and Van den Broeke, 2006). The first wind-speed
maximum of the inertial oscillation in the evening is
clearly visible in Figure 3(d). The oscillation causes a
deviation from the geostrophic wind of >1 m s!1 and
5–10° (Figure 3(e)). The maximum deviation from the

geostrophic wind direction in the ABL occurs in the
nocturnal stable layer at 0300 GMT.

The combined effect of katabatic forcing and iner-
tial oscillation produces a large daily cycle in HLLJ
with a minimum value around 0200 GMT, and a maxi-
mum value between 1500 and 1600 GMT. Very similar
behaviour of the nocturnal jet was observed at Mizuho
station by Chiba and Kobayashi (1986), who attributed
the decrease of HLLJ also to subsidence. In agreement
with Kodama et al. (1989) in Adélie Land, we find wind-
speed maxima during both day and night. In our simula-
tion this cannot be attributed to a large-scale horizontal
temperature gradient, as this is not included in the model.

The modelled heat and momentum budget equations
are shown for the reference run at 0300 and 1500 GMT
in Figure 4. At night, heat storage (solid line) is negative
in and above the ABL (Figure 4(a)), i.e. cooling occurs,
chiefly caused by turbulent diffusion/friction (dotted
line). Radiation divergence (long dashes) dominates the
heat budget above 70-m height with rates of 0.1 K h!1

at night. Vertical advection of heat (short dashes) is small
due to the cross-slope orientation of the large-scale wind
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Table III. Two-metre temperature, 10-m wind speed, and height of the low-level jet/mixed layer at night (0300 GMT)
and day (1500 GMT).

Sensitivity parameter Value $3h

(K)
U3h

(m s!1)
HLLJ

(m)
$15h

(K)
U15h

(m s!1)
HML

(m)

Reference run – 232.8 5.6 43a 241.2 5.9 103b

Surface slope 5.0 m km!1 +3.0 +4.1 +42 +1.4 +3.4 +91
0.0 m km!1 !0.9 !1.5 !21 +0.1 !1.6 !30

Surface albedo 0.8 +1.5 !0.5 !12 +4.2 !1.3 +72
0.9 !1.6 +0.7 +16 !4.6 +0.9 !40

Large-scale wind speed 2.0 m s!1 !0.7 !1.0 !17 +0.1 !1.7 !25
6.0 m s!1 +0.7 +1.0 +20 !0.1 +1.6 +21

Large-scale wind
direction

0° !0.5 !1.5 !12 +0.3 !1.5 !13

180° !0.9 !0.9 !17 +0.2 !1.9 !30
270° !1.6 !4.4 !38 +0.0 !5.0 !53

Latitude 70 °S !0.9 +0.0 !7 +1.0 !0.2 +14
80 °S +1.8 !0.1 +7 !1.0 +0.1 !19

Starting date 20 Dec +3.7 !0.8 !9 +3.5 !1.1 +21
Surface roughness 2 " 10!4 m !0.1 !0.9 +12 +0.1 !0.7 +21
Potential-Temperature
lapse rate

4.0 K km!1 !0.3 +0.1 0 !0.4 +0.1 0

6.0 K km!1 +0.3 !0.1 0 +0.4 !0.1 0
Vertical temperature
advection parameter

0.0 !0.1 +0.0 0 !0.2 +0.1 0

1.0 +0.1 !0.0 0 +0.2 !0.1 0

a/b Grid spacing at this height is 3.5/6.7 m.

(thus v is small). Only near the surface, where there is
a friction-induced down-slope component (Figure 3(e)),
we find some heating due to vertical advection.

At the surface, heating starts at 0300 GMT
(Figure 3(a)). It takes four hours to reduce the stability
of the stable layer and initiate convection at 0700 GMT
(Figure 2). Heat storage is positive in the ABL at 1500
GMT (Figure 4(b)), and the heat budget is once more
dominated by turbulent diffusion, even though at 1500
GMT the convective period is almost at its end. Radiation
divergence is largest at the surface. Above the mixed
layer, cooling occurs due to turbulent entrainment.

In cross-slope direction (Figure 4(c) and (d)) the
momentum balance is chiefly between turbulent diffusion
and Coriolis forcing (short dashes); the Coriolis effect
forces a rotation of the air flow towards the cross-slope
direction, but is opposed by friction. The inertial oscilla-
tion in the residual layer can be recognized from non-zero
momentum storage and Coriolis acceleration while tur-
bulent diffusion is small. This occurs up to 200-m height
at 0300 GMT (Figure 4(c) and (e)).

In along-slope direction (Figure 4(e) and (f)) Coriolis
forcing and large-scale forcing (dash-dotted line) are
important due to the orientation of the large-scale wind
across the slope. In the transition period from summer
to winter, a temperature deficit is always present in the
cooling lower atmosphere during clear-sky conditions. As
a result, katabatic forcing (long dashes) persists during
the day (Figure 4(f)) in the ABL and a few hundred
metres above. Katabatic acceleration is largest at the
surface at night (3 m s!1 h!1). Turbulent diffusion of

momentum is chiefly a negative contribution to the along-
slope momentum budget, but regions of negative wind-
shear above wind maxima cause turbulent diffusion to
accelerate the flow.

Surface slope
The steepest surfaces on the Antarctic Plateau slope only
a few metres per kilometre. Figure 5 shows that both the
strength and height of the nocturnal jet are very sensitive
to ! in this slope regime. To look into the sensitivity
of the ABL to !, we will examine the situation with
a relatively large slope of 5.0 m km!1, a typical value
for the escarpment region of Antarctica, for instance at
Mizuho station (Figure 1).

The influence of an increase in slope magnitude
on the potential-temperature and wind-speed structure
of the ABL is shown in Figure 6 (dashed line). The
direct effect of larger ! is the increase of katabatic
forcing (Equation 1). This is partly counterbalanced by
the increase in down-slope wind speed, causing an
increase in ABL heating by vertical advection, and
therefore a reduction of the potential-temperature deficit
($ -$0) and katabatic forcing. Figure 6(c) shows that the
former effect is much stronger. Increasing the surface
slope from 1.5 to 5.0 m km!1 results in an increase of
5.5 m s!1 of the nocturnal jet at 0300 GMT (dashed line).

The larger ABL wind speed and associated wind shear
cause stronger turbulent mixing, which results in weaker
stability and larger depth of the stable layer at night, and
a deeper mixed layer during the day (Figure 6(a) and
(b)). Here the wind field positively influences its own
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katabatic forcing mechanism: larger wind speed results
in a stronger cooling of the ABL through increased
vertical turbulent mixing; this increases katabatic forcing,
and so on. This positive feedback mechanism increases
the ABL sensitivity to !. ABL sensitivity is larger for
low surface temperatures relative to the free-atmospheric
value (i.e. for small ! (Figure 6(a))), as the potential
cooling of the ABL is larger. Owing to larger mixing at
larger wind speed (Figure 6(c)) the surface temperature

increases, as does the temperature of the lower part of
the ABL (Figure 6(a)) (Bromwich, 1989). As a result,
the maximum wind speed occurs at a higher level
(Figure 5). N.B.: The positive feedback mechanism does
not necessarily cause nighttime wind speeds to increase
until solar radiation sufficiently heats the surface in the
morning; the raise in surface temperature at larger wind
speeds counteracts the ABL cooling by the increased
turbulent mixing. We mention the feedback as it enhances
the sensitivity of the ABL to !: small changes in ! can
have a relatively large impact on the ABL.

For the near-neutral mixed layer during the afternoon,
the feedback can be either positive or negative, depending
on the heating rate of the surface by solar radiation. Also,
the increase in wind speed and mixed-layer depth has an
influence on entrainment at the top of the ABL, further
warming the ABL. The overall result of increasing !
is that wind speeds are much higher during both night
and day and that the ABL is much deeper compared
to the reference run: HLLJ increases by 42 m and HML
by 91 m (Table III). Near-surface temperatures increase
during both night and day: $ at 2 m, is higher by 1.4 K
at day, and 3.0 K at night.

Changes are also apparent in the SEB (Figure 7,
dashed lines). In response to higher surface tempera-
ture, LRout becomes more negative (only Rnet is shown,
Figure 7(a)), and G becomes smaller (Figure 7(b)),
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Figure 7. Mean net radiation flux (a), sub-surface heat flux (b), sensible heat flux (c) and latent heat flux (d) at the surface for a slope of
0.0 m km!1 (dash-dotted line), 1.5 m km!1 (solid line) and 5.0 m km!1 (dashed line).

mainly during the night. Figure 7(c) shows that nighttime
HS is twice as large for the larger surface slope, owing
to a strong increase in friction velocity (U&). Around
noon, U& is also large, but the absolute size of HS is
smaller than for the reference run. This is because the
mixed-layer temperature is higher, reducing the insta-
bility in the surface layer. The higher mixed-layer tem-
perature is purely the result of stronger vertical mixing,

vertically transporting warmer air into the ABL through
entrainment. Daytime HL does increase in amplitude for
a larger slope (Figure 7(d)), since the decrease of ABL
moisture due to entrainment and some vertical advection
of dry air cause larger near-surface q gradients. Absolute
HL values remain very small.

We should mention that the scenario with the
steeper slope is the only simulation in this paper for
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which friction velocity can become large enough (max.
0.33 m s!1) for blowing snow to be generated, affecting
the structure and dynamics of the surface layer. For a
more realistic simulation, a snowdrift parameterization
needs to be included in the ABL model.

Setting the surface slope to zero eliminates the kata-
batic forcing from the momentum balance. A flat surface
is only found at the interior domes of Antarctica (for
instance Dome C, which is located at the same latitude
as Kohnen base, but has a somewhat higher elevation
of 3233 m above sea level (Figure 1)). Figure 6 shows
that due to the absence of katabatic forcing, wind speed
is lower at all displayed levels (dash-dotted line). This
results in a reduction of turbulent mixing and therefore a
more shallow ABL. Near-surface temperatures are only
affected at night, when $ is 0.9 K lower at 2-m height
(Table III).

Figure 6(c) shows that also over a horizontal surface,
a shallow nocturnal jet occurs, purely as a result of an
inertial oscillation. Figure 8 shows the distribution of
alternating wind maxima and minima in the nighttime
ABL over a flat surface. Super-geostrophic wind speeds
in the ABL occur throughout most of the day, except
in the mixed layer between 1100 and 1600 GMT. The
ABL wind speed over a horizontal surface behaves in
a similar fashion as seen in the reference run results
(Figure 3(d)). This result casts some doubt on the nature
of the nocturnal jets at variable surface slope as presented
in Figure 5. In the previous section, it was shown that
katabatic acceleration is a dominant forcing within the
nighttime stable layer for a surface slope of 1.5 m km!1,
but now we can speculate that the jet is partly forced
by an inertial oscillation, which becomes the dominant
jet-forcing mechanism over very small surface slopes.

Skyllingstad (2003) ran a Large Eddy Simulation
model of the ABL over slope magnitudes of ! = 20°, 1°,
and 0°. He reported for simulations with a (cross slope)
large-scale wind speed of 2 m s!1 that near-surface
turbulence can be sustained by katabatic flow, while
over a horizontal surface, when surface cooling increases
stability (Figure 6(a)), the turbulent heat fluxes cannot

be sustained and become zero. But from Argentini et al.
(2005) we conclude that nighttime turbulence over a
horizontal surface in the summer is non-zero, and that
stability is not large (Obukhov length Lob >4 m).

Albedo

Albedo chiefly influences the ABL through how much
short-wave radiation is absorbed at the snow surface,
and to a much lesser extent through the amount that
is absorbed in the clear atmosphere. Figure 9 shows the
SEB for model simulations with " = 0.80, 0.85 (refer-
ence value), and 0.90 (dash-dotted, solid and dashed lines,
respectively). These values represent typical extremes for
dry Antarctic snow (Van den Broeke et al., 2004). Net
radiation between 2200 and 0100 GMT does not signif-
icantly change for different albedo (Figure 9(a)) as for
the simulated period the nighttime zenith angle is large
(85–88°) and the change in LRout is counteracted by a
change in LRin. Also G, HS and HL are almost unaffected
at night (Figure 9(b), (c) and (d), respectively). But dur-
ing daytime a change in albedo has a large impact. A
lower albedo increases the amplitude of the daily cycle
of all surface fluxes (dash-dotted lines). Rnet increases by
20 W m!2 (85%) and the non-radiative fluxes become
more negative. As a result, the mixed layer is warmer
by 4.2 K and deeper by 72 m compared to the refer-
ence run (Figure 10(b) and Table III). Also, at night,
$ remains significantly higher (Figure 10(a)); the night-
time katabatic jet is weaker and 12 m lower owing to a
smaller potential-temperature deficit (Figure 10(c)). Dur-
ing the entire day, ABL wind speeds are significantly
weaker at lower albedo. At 10-m height, U is reduced
by 0.5–1.3 m s!1 and 2-m $ increases by 1.5–4.2 K.
Opposite changes occur when albedo is increased.

We may conclude that this realistic change in albedo
has a large influence on the ABL structure. The main
reason is that the albedo base value is so high that
small absolute changes have a large relative impact on
net radiation. From this, it is anticipated that spatial
variability in albedo is certainly an important factor in
ABL variability in Antarctica.
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Figure 9. Mean net radiation flux (a), sub-surface heat flux (b), sensible heat flux (c) and latent heat flux (d) at the surface for " = 0.80
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Figure 10. Mean potential temperature and wind speed at 0300 GMT (a, c) and 1500 GMT (b, d) for " = 0.80 (dash-dotted line), 0.85 (solid
line) and 0.90 (dashed line).

Large-scale wind speed
A change in large-scale wind speed affects the turbulent
heat fluxes in the SEB relatively strongly (not shown).
A Ug increase/decrease of 2 m s!1 around the reference
value of 4 m s!1 increases/decreases the absolute value
of HS by max. 1 W m!2 during the day and by max.
4 W m!2 during the night. The latter change is larger
because of the stronger positive feedback between wind

speed and ABL cooling at night (see section on ‘Surface
Slope’).

For stronger large-scale wind speeds, U is larger in the
entire ABL throughout the day. Owing to the enhanced
mixing, the nighttime stable layer becomes deeper and
less stable for larger Ug. The speed of the katabatic jet
at night increases by the same amount as Ug . The mixed
layer in the afternoon has almost the same $ , but increases
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in depth by 21 m (Table III). Near-surface temperature is
not sensitive to the modelled changes in Ug; only at night
$ at 2 m increases 0.7 K for Ug + 2 m s!1.

Elkhalfi (1999) tested the difference between a large-
scale wind speed of zero and a large-scale wind speed
of 2 m s!1 in down-slope direction over the margin of
the Greenlandic ice sheet. He found a stronger jet at
a larger height for the second case. This agrees with
our results, though comparison is hampered by the non-
matching large-scale wind directions relative to the slope.

Large-scale wind direction

Figure 11 shows the simulated ABL $ , U and d profiles
for four large-scale wind directions, of which dg = 90° is
the reference value (representing, for instance, an easterly
flow over a northward down-sloping surface).

For dg = 0° and 180°, $ and U profiles in the ABL are
fairly similar. The nighttime stable layer (Figure 11(a))
and daytime mixed layer (Figure 11(b)) are more shallow
than for the reference run (dg = 90°), caused by a
decrease in vertical mixing because of to lower ABL wind

speed (Figure 11(c) and (d)). The nocturnal jet is 1 m s!1

stronger for down-slope large-scale wind due to a larger
temperature deficit, in contrast to the mixed-layer wind
speed, which is $ 0.5 m s!1 larger for up-slope large-
scale wind. At 10-m height, we also find that the wind
speed is larger for dg = 180° at night, and for dg = 0° in
the afternoon (Table III).

For dg = 270°, the nocturnal stable layer is very
shallow and stable (Figure 11(a)). Also, the daytime
mixed layer is shallower than for the other large-scale
wind directions. A very shallow katabatic wind maximum
is simulated at 0300 GMT (Figure 11(c)). Whereas for
dg = 90° wind speed is super-geostrophic within the
lower 300 m of the atmosphere, for dg = 270° U is
sub-geostrophic. A wind-speed minimum is located at
30-m height at 0300 GMT, possibly associated with
an inertial oscillation. Near-surface wind speed never
exceeds 2 m s!1 during the entire day.

For all large-scale wind directions, the near-surface
wind turns towards 90–165° (i.e. east to southeast) in
the nocturnal stable layer (Figure 11(e)). For dg = 0° no
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Figure 12. Mean along-slope momentum budget at 0300 GMT (a) and 1500 GMT (b) for dg = 270°.

down-slope wind-speed component is simulated at 0300
GMT, thus the nocturnal jet in Figure 11(c) has an up-
slope component. The wind direction for dg = 270° turns
by 140° in 30 vertical metres in the region of low wind
speed. During the day, for all dg the wind in the mixed
layer veers to the right. For dg = 270°, this implies that
the mixed-layer wind gets an up-slope component. For
both along-slope scenarios, the wind direction above the
ABL is also rotated slightly to the right.

Figure 12 shows the down-slope momentum budget for
dg = 270° at 0300 and 1500 GMT. Large-scale forcing is
the largest term of the budget (dash-dotted line), except
for the shallow nocturnal stable layer, where below 20-m
height katabatic forcing (long dashes) is large enough
to force an easterly wind-speed component. No deep
temperature-deficit layer can form at night (Figure 11(a))
owing to the low wind speed and thus ineffective cooling
and mixing by turbulent diffusion (dotted line). During
the afternoon, all right-hand side terms of the along-slope
momentum budget in Equation 1 oppose the large-scale
forcing term in the mixed layer.

The large differences found in the ABL for different
large-scale wind directions are caused by differences
in the orientation of the large-scale pressure-gradient
force relative to the katabatic pressure-gradient force.
We consider the following: above the ABL we can
normally assume a geostrophic balance between Coriolis
and large-scale forcing, implying u = ug and v = vg.
However, above the modelled ABL a small temperature
deficit is present, chiefly owing on account to radiative
cooling at night (Figure 4(a)). As a result, katabatic
forcing is introduced in the momentum balance. For an
approximately constant temperature deficit, we find a
modified large-scale wind vector Um = (um, vm):

u = um = ug ! g
f
$ ! $0
$0

tan!
v = vm = vg

(5)

which is essentially the rewritten momentum balance for
negligible turbulent diffusion and slow changes in wind

speed, which is valid above the ABL. Equation 5 shows
that a temperature deficit above the ABL reduces the
cross-slope wind-speed component U at this level. This
results in a larger U for dg = 90° and a smaller U for
dg = 270° (Figure 11(c) and (d)). An along-slope large-
scale wind obtains a cross-slope wind-speed component,
rotating the wind vector above the ABL (Figure 11(e)
and (f)).

The modified large-scale wind vector in Equation 5
describes the background wind profile of large-scale
and katabatic forcing combined, equivalent to the large-
scale wind profile over a horizontal surface. Within the
ABL, the effects of friction and variability of $ , q and
U on short time scales are large. Our sensitivity runs
show that for the typical case of an easterly large-
scale flow over a northward down-sloping surface, the
ABL wind speed is increased if a temperature deficit
is present in the ABL. They also show that, when the
large-scale wind is reversed, the structure and dynamics
of the ABL are affected in a very significant way.
Again, the differences between the sensitivity runs are
enhanced by turbulence through the positive feedback
mechanism mentioned in the section ‘Surface Slope’. For
instance, for dg = 90°, the topography and temperature
deficit cause Um > Ug , which facilitates high ABL wind
speeds and thus larger wind-speed gradients. As a result,
enhanced turbulent mixing cools the stable layer more
efficiently, by which katabatic forcing increases. For an
opposite large-scale wind direction, the nocturnal stable
layer remains shallow: a smaller U reduces turbulence,
thus counteracting the development of katabatic wind.

In a study by King (1989), a 1-D ABL model
was applied to the ice shelf near coastal base Hal-
ley (Figure 1), where the surface slope is approximately
equal to our reference-run slope. In agreement with our
results, the surface wind was rotated in a direction left
of the fall line for any large-scale wind direction and
weak geostrophic forcing. Also, the weakest low-level jet
and shallowest stable layer were obtained for opposing
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Figure 13. Mean net radiation flux (a), sub-surface heat flux (b), sensible heat flux (c) and latent heat flux (d) at the surface for 70 °S (dash-dotted
line), 75 °S (solid line) and 80 °S (dashed line).

katabatic and large-scale forcings. King argues that only
for a large enough large-scale wind speed (10 m s!1) the
katabatic pressure gradient can be overcome and the near-
surface wind direction can be seriously affected.

The effects of down-slope and up-slope large-scale
winds on a slope flow were also investigated by Arritt
and Pielke (1986) using a 1-D model. They found a larger
wind-speed maximum for the down-slope case, which
agrees with Figure 11(c).

Brost and Wyngaard (1978) simulated the development
of a stable-layer flow over a slope of 2 m km!1 for all
four wind regions. They found the smallest stability and
largest U& for a situation comparable to our dg = 90°,
and the opposite result for an opposite large-scale wind,
which again agrees with our findings. Remarkably, the
boundary-layer depth in the first 9 h of their simulation
is largest for an up-slope large-scale wind direction.

A disadvantage in the approach of the three studies
mentioned above is their boundary condition for the
surface heat budget, with either a constant surface cooling
rate or a constant surface heat flux. Parish et al. (1993)
did include interactive surface heat budget calculations
in a 2-D model across Adélie Land and performed an
experiment similar to King (1989) by simulating the
ABL for several different cross-slope large-scale wind
speeds. Similar results were obtained, but due to the
larger katabatic forcing over the relatively steep slopes
of Adélie Land, a stronger large-scale wind of 20 m s!1

was needed to nullify the katabatic jet, even in summer.

Latitude

The flux of down-welling solar radiation (SRin) is
strongly dependent on latitude, especially for large zenith

angles. Daytime differences in SRin, between the refer-
ence latitude of 75 °S and a location 5° north or south, are
up to 100 W m!2 (not shown). Figure 13 shows the influ-
ence of such a shift of 5° (equal to a distance of 558 km)
on the SEB. All surface fluxes show a less pronounced
daily cycle at higher latitude. The daytime turbulent heat
fluxes change by 40%, while at night the differences are
smaller. The amplitude of the cycle in $ at 2-m height
also changes by 1–2 K for a 5° shift in latitude. Stabi-
lization occurs more rapidly in the evening for a stronger
daily cycle in near-surface temperature, and thus near-
surface wind speed drops faster.

There are considerable differences in ABL structure
between the three latitudes (not shown). At higher
latitude, the nighttime stable layer is deeper but has a
smaller temperature deficit. The daytime mixed layer
is 1.0 K colder and 19 m more shallow because of a
decrease in surface heating by SR (Table III). At lower
latitudes, the mixed layer is deeper than in the reference
run. The stable layer at night is more shallow, but with
larger stability and near-surface temperature deficit due to
a stronger radiative cooling of the surface. The influence
on ABL wind speed is small. The low-level jet at night is
of equal strength, but located 7 m higher for a 5° higher
latitude. Mixed-layer wind speed changes at daytime are
smaller than 0.5 m s!1.

Date

Comparing results of observational studies in Antarc-
tica is often hampered by differences in the timing of
the experiments. We find that changing the reference
run starting date from 31 January to mid-summer (20
December) causes an 18% increase in short-wave radia-
tion at noon. Net radiation is higher by 10 W m!2 during
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the whole day, which is chiefly compensated for by a
decrease in the sub-surface heat flux. Remarkably, the
turbulent heat fluxes show little change, but the mixed-
layer depth is 21 m larger (Table III). $ at 2-m height is
3–4 K higher than in the reference run, which is large
compared to the other sensitivity runs, and 10-m U is
$1 m s!1 lower owing to a decrease in radiative cooling
and the associated decrease of katabatic forcing.

Parish et al. (1993) also tested the clear-sky Antarctic
ABL sensitivity to the time of year by running a 2-
D model across Adélie Land for five different dates in
summer and autumn. Their results are in line with our
findings, but show an even larger sensitivity owing to the
lower value of albedo in their model (0.80). For instance,
they find a decrease of approximately 15 W m!2 (>50%)
in the noontime turbulent heat fluxes between 21 January
and 22 February. On the other hand, their change in
mixed-layer height does agree with our results.

Surface roughness

The surface roughness parameter z0 is assumed to be the
same for heat, moisture and momentum. An increase of
z0 would therefore be expected to have a similar impact
on the turbulent scales of heat ($&), moisture (q&) and
momentum (U&). However, the model simulations show
that raising z0 by a factor of ten to a value of 2 " 10!4

m leaves $& and q& fairly unaffected with an increase of
<10%, while U& increases by 25%. The effect on U& is
different because the near-surface wind-speed gradient is
also maintained by katabatic forcing. The larger turbulent
scales cause larger absolute surface energy fluxes of HS
and HL, which is compensated for in the SEB by changes
in LRout and G. HS and HL increase but remain small
with absolute values smaller than 15 and 1.5 W m!2,
respectively.

The modelled sensitivity of the ABL structure to z0
is surprisingly small (not shown): $ shows no significant
change for 10 " z0, and U is slightly reduced (<1 m s!1

at 10-m height, Table III). The main consequence of the
larger HS at larger z0 is a deeper ABL. HLLJ at night
increases by 12 m, and the daytime HML by 21 m.

We conclude that the ABL sensitivity to z0 in summer
on a timescale of a few days is smaller than the
sensitivity to, e.g. slope direction or albedo. With a
regional atmospheric climate model Reijmer et al. (2004)
found that z0 changes were apparent chiefly for wind
speed, both near the surface as well as in the entire
troposphere. This effect is smaller in our model, party
because it does not have the opportunity to propagate
far beyond the ABL owing to the limited time of the
run and the vertical extent of the model. But based on
this sensitivity run, we expect that surface roughness is
a small contributor to the spatial ABL variability over
Antarctica.

Lapse rate

A lower/higher potential-temperature lapse rate of
1 K km!1 compared to the reference value of 5 K km!1

causes lower/higher free-atmospheric temperatures and
thereby a decrease/increase in LRin (of 2 W m!2). This
is compensated for by LRout and G; the turbulent
heat fluxes do not change much. ABL temperature
decreases/increases slightly (0.3/0.4 K at 2-m height) and
ABL wind speed increases/decreases (0.1 m s!1 at 10-
m height). Nappo and Rao (1987) used a 2-D model
to study the effect of free-atmospheric stratification on
the development of katabatic flow over a steep slope of
20°. They found a more shallow ABL with weaker winds
for a larger ambient temperature lapse rate which was
attributed to an increase of heat entrainment at the top of
the stable layer. Ye et al. (1990) used a 2-D model over
several gentle slopes (0.14–0.57°) and concluded that the
wind-speed profiles of slope flows are fairly independent
of the free-atmospheric temperature lapse rate, and that
they are more affected by slope steepness.

Vertical heat advection

The vertical heat advection parameter B$ was introduced
in the section ‘Methods’ as a measure for the slant of the
isotherms relative to the surface. The sensitivity of the
simulated ABL to B$ is the smallest of all parameters. For
instance, $ differences in the ABL between the sensitivity
runs and the reference run are 0.1 K. This small sensi-
tivity is caused by the governing wind direction, which
is chiefly cross slope (Figure 3(e)), so that v % 0 and
thus vertical advection is negligible (Equation 1). In con-
trast, at the FRIS front the sensitivity to advection must
be larger since (horizontal) advection dominates the heat
budget of the ABL (Heinemann, 1988).

SUMMARY AND CONCLUSIONS

This paper discusses the sensitivity of the structure and
dynamics of the clear-sky ABL over the Antarctic interior
to changes in the free atmosphere and surface parameters.
For this purpose, a high-resolution, 1-D model of the
lower 2000 m of the atmosphere is used. The model has
been successfully validated for a gently sloping snow
surface in the Antarctic interior.

The reference run describes a typical summertime situ-
ation on the Antarctic Plateau with a small surface slope
(1.5 m km!1) and a constant large-scale wind of 4 m s!1

in cross-slope (‘easterly’) direction. In these conditions, a
mean ABL depth of about 100 m is found, which is well
mixed and of near-neutral stratification during the day
and stably stratified at night. A temperature deficit with
respect to the free atmosphere is present during the entire
day since the model is run during the end of the summer
when the atmosphere cools. But katabatic forcing only
dominates the momentum budget in the nighttime stable
layer, when a katabatically driven nocturnal jet is found.
Wind-speed maxima also occur in the nighttime residual
layer, as a result of an inertial oscillation. These effects
combined produce a low-level nocturnal jet that decreases
in height from 125 to 40 m in the evening, after which
it increases again in the morning hours.
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We tested the boundary-layer sensitivity to surface
slope, albedo, large-scale wind speed and direction, lat-
itude, time of year, surface roughness, free-atmospheric
temperature lapse rate, and vertical heat advection. The
most important results are given below.

A larger surface slope forces a stronger katabatic jet
in the nocturnal stable layer, with a wind maximum
located at a higher level. Even when there is no slope,
an inertial oscillation forces a super-geostrophic wind-
speed maximum that behaves fairly similar to a jet
over a sloping surface. For slopes much smaller than
1.5 m km!1, the inertial oscillation becomes a significant
contributor to the nocturnal jet.

Surface albedo has a large influence on ABL tem-
perature and wind speed. For a deviation of 0.05 from
the reference value " = 0.85, the daytime mixed-layer
temperature changes by 4 K, and the wind speed of the
nocturnal jet by 1 m s!1.

The ABL is also very sensitive to large-scale wind
direction. When the large-scale pressure-gradient force
and katabatic pressure-gradient force are aligned (during,
e.g., easterly flow over a northward down-sloping surface,
as is common in Antarctica) a deep ABL is found
with large wind speeds during both day and night.
For opposing large-scale and katabatic pressure-gradient
forcings of approximate equal magnitude, wind speed
in the ABL is small. Owing to the small wind-speed
gradients, the vertical mixing by turbulent diffusion is
small and a very shallow ABL is found.

We conclude that these three parameter sensitivities
dominate the variability of the summertime ABL on
the Antarctic Plateau. Surface albedo is most important
for ABL temperature, and surface slope magnitude for
wind speed. However, large-scale wind speed and date
also cause large ABL variability. In comparison, the
sensitivity to latitude and surface roughness is smaller.
For a cross-slope, large-scale wind direction, the ABL
sensitivity to the free-atmospheric temperature lapse rate
and vertical heat advection is not significant.

The sensitivity of the katabatically driven ABL to all
parameters is increased by the feedback between cooling
of near-surface air and the forcing of the katabatic wind:
As a larger near-surface wind speed (gradient) causes
enhanced vertical mixing, the stable layer is cooled more
efficiently at the surface, thus increasing the cold content
and depth of the temperature-deficit layer, which in turn
increases the katabatic wind. The process is dependent
on surface temperature relative to the temperature of
the near-surface atmosphere. If surface temperature is
increased by the enhanced mixing – or, for instance, by
absorbed solar radiation – the feedback will be reduced
or cease.
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